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a b s t r a c t
A fundamental scientiﬁc question is, what controls the Earth's topography? Although the theoretical principles of
isostasy, ﬂexure, and dynamic topography are widely discussed, the parameters needed to apply these principles
are frequently not available. Isostatic factors controlling lithospheric buoyancy are frequently uncertain and nonisostatic factors, such as lithospheric bending towards subduction zones and dynamic topography, are hard to
distinguish. The question discussed here is whether a set of simple rules that relate topography to lithospheric
structure in various tectonic environments can be deduced in a way that missing parameters can be approximated; or does each area behave differently, making generalizations problematic. We contribute to this issue analyzing the Asia–Africa–Arabia–Europe domain following a top-down strategy. We compile a new crustal thickness
map and remove the contribution of the crust from the observed elevation. Then, the challenge is to interpret
the residual topography in terms of mantle lithosphere buoyancy and dynamics. Based on systematic relationships between tectonic environments and factors controlling topography, we argue that crustal buoyancy and
mantle lithospheric density can be approximated from available geological data and that regions near mantle upwelling or downwelling are easily identiﬁed by their extreme residual topography. Yet, even for other areas, calculating lithospheric thickness from residual topography is problematic, because distinguishing variations in
mantle lithosphere thickness from sub-lithospheric dynamics is difﬁcult. Fortunately, the area studied here provides an opportunity to examine this issue. Based on the conjunction between the Afar Plume and the mid-ocean
ridge in the nearby Gulf of Aden and southern Red Sea, we constrain the maximal amplitude of dynamic topography to ~1 km. This estimate is based on a narrow deﬁnition of dynamic topography that only includes sublithospheric processes and using mid-ocean ridges as reference, where mantle lithosphere buoyancy is zero.
© 2016 Elsevier B.V. All rights reserved.

1. Introduction
A fundamental question in earth sciences is, what controls the
topography of the Earth's surface? Despite the basic observation that
changes in topography are generally accompanied by changes in crustal
thickness (e.g., Heiskanen and Vening Meinesz, 1958) that supports the
paradigm of isostasy (Airy, 1855; Dutton, 1882), comparing presently
available crustal thickness data with topography indicates a poor
correlation (cf. Zoback and Mooney, 2003; Fig. 1). The reason for that
is that the principle of isostasy does not apply to a crust ﬂoating on
lava, as envisioned by Airy (1855), but to a relatively hard lithosphere
ﬂoating on viscid asthenosphere. In other words, the modern paradigm
of isostasy implies that topography depends on lithospheric buoyancy,
which depends both on the crust and on the mantle lithosphere (ML)
(e.g., Thompson and Talwani, 1964; Haxby and Turcotte, 1978; Davies,
1979; Lachenbruch and Morgan, 1990).
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Other exceptions from a simple Airy-type model are narrow topographic loads that are not accompanied by local crustal thickening.
These loads are supported by the strength of the lithosphere, which
does not bend easily (e.g., Watts, 2001, and references therein). In
other words, narrow topographic loads do not cause local sinking of
the crust into the mantle or local sinking of the lithosphere into the
asthenosphere, but produce a gentle ﬂexure spreading over wide
areas. Accordingly, isostatic equilibrium is usually maintained regionally over distances of 100–200 km, which is commonly the ﬂexural
wavelength of the lithosphere (e.g., Watts, 2001). In cases of cold and
strong plates, ﬂexure is considerably wider, particularly, in foreland
and forearc basins (e.g., the north Indian Plate bending towards the
Himalayas) that are strongly pulled down by far-off subducting slabs
(Royden, 1993; Gvirtzman and Nur, 1999, 2001).
Another important process inﬂuencing Earth's topography on a scale
of hundreds of kilometers is dynamic topography, which is a term that is
used differently in the literature, but shall here indicate surface undulations caused by present-day mantle ﬂow (e.g., Hager et al., 1985;
Cazenave et al., 1989; Colin and Fleitout, 1990; Gurnis, 1993; Forte
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Fig. 1. Topography versus crustal thickness. (a) Original thickness grid points from the global CRUST1.0 model vs. median ETOPO1 topography, registered on the same 1 × 1 degree grid.
Note that many negative topography (oceanic) values are based on an isostatic model within CRUST1.0, rather than data. (b) Smoothed representation of CRUST1.0 when thickness is
sampled by even area distributed points and crustal thickness is normalized by model density variations (effective thickness = Lc ρc =ρc ). Gray shading indicates density of points
within the axes domain represented by a log color scale proportional to relative area (arbitrary units). Blue line is topography predicted from crustal buoyancy. Dashed blue line is the
same with a −1.1 km shift corresponding to negative buoyancy of a 100-km-thick ML assuming a density factor of −0.01. Red line is the same as the blue line with a −1.74 km shift
taken from Zoback and Mooney (2003). Note that many continental areas have a typical crustal thickness of ~35 km, but a large range of elevations. This indicates large deviations
from isostasy, whereas the trend of the more extreme values validates the general concept.

et al., 1993; Le Stunff and Ricard, 1995; Thoraval et al., 1995;
Christensen, 1998; Lithgow-Bertelloni and Silver, 1998; Gurnis et al.,
1998; Daradich et al., 2003; Forte, 2007; Faccenna and Becker, 2010;
Moucha and Forte, 2011; Becker et al., 2014). In this term, dynamic
refers to moving mass anomalies unlike isostasy that refers to
quasi-static mass anomalies. Note, however, that whether or not
lithospheric-scale processes, such as small-scale convection in the thermal boundary layer and cooling of plates as they move away from
spreading centers, are included in dynamic topography, is controversial
(e.g., Gurnis, 1993; Forte et al., 1993; Flament et al., 2013; Becker
et al., 2014; Faccenna et al., 2014a). Here, we use a narrow deﬁnition
of dynamic topography that only includes sub-lithospheric processes
(e.g., Le Stunff and Ricard, 1995; Panasyuk and Hager, 2000; Flament
et al., 2013). Accordingly, lateral variations in lithospheric thickness
are considered here isostatic though its deformation is dynamic
(e.g., Faccenna et al., 2014b).
Topography of a certain region hence depends on quite a few factors
controlling the buoyancy of the lithosphere (density and thickness of
the crust and ML); the strength of the lithosphere (temperature,
composition, etc.); the existence of adjacent loads that may be a few
hundred km away (subducting slabs); and on many other factors
controlling mantle dynamics. Hence, the ability to generate a simple
basic law for a fundamental feature of the Earth, namely, its topography,
is problematic.
Theoretically, the physical principles controlling topography were
quantiﬁed in many fundamental studies (e.g., above references) and,
given enough information, topography can be predicted. In practice,
however, in most regions of the world, all the parameters that are

needed for those calculations are not available. So, the practical question
becomes whether a set of useful and simple rules that relate topography
to lithospheric structure in various tectonic environments can be
deduced in a way that missing parameters can be guessed reasonably
well; or does each area behave differently.
In a previous study (Zoback and Mooney, 2003) that used 1700
crustal structure proﬁles from the global database compiled by the
U.S. Geological Survey (Mooney et al., 2002), crustal contribution to
topography was shown to be always much higher than the observed
topography. Zoback and Mooney (2003) explained that the negative
buoyancy of the ML lowers the observed topography by 1.73 km on
average (Fig. 1). Moreover, they computed the thickness of the ML for
each point in their dataset and showed that lithospheric thickness
deduced from isostasy generally agrees with seismic data.
However, the individual analysis of each data point still does not
reduce the scatter covering the crustal thickness–topography diagram
(Fig. 1). Can we explain the distribution of points within this cloud?
Can we distinguish clusters related to distinct tectonic environments
as shown by Hyndman and Currie (2011) for North Western America
(hot Cordillera vs. cold craton)? Or is it too complex for any useful global
rules?
This study tries to answer these questions emphasizing the phenomenology. For this purpose, we chose the Mediterranean–Red Sea domain
(Fig. 2), which includes a variety of tectonic environments: inter- and
intra-plate regions, active and passive continental margins, and cool
versus hot mantle regions. We examine the relationships between tectonic setting and crustal density, strive to remove the contribution of
the crust from the observed elevation, and interpret the residual
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Fig. 2. Location map with (a) topography from ETOPO1 (Amante and Eakins, 2009) and (b) Free Air Gravity from Sandwell and Smith (2009). Black dots are locations within 20 selected
tectonic environments that were speciﬁcally analyzed. Straight line marks the track of Section 2 (Fig. 9).

topography in terms of ML buoyancy, plate bending, and dynamics.
Based on the conjunction between the Afar Plume and the mid-ocean
ridge in the nearby Gulf of Aden and southern Red Sea, we constrain
the amplitude of dynamic topography. Based on understanding the lithospheric structure in the Mesopotamian, Ionian, and Herodotus basins,

we constrain the amplitude of the downward pull force exerted by
subduction (ﬂexure and dynamic topography).
In addition to the general contribution of this study to the issue of
isostasy and topography, the distinction between static and dynamic
processes in the Red Sea–Middle East–Mediterranean domain is of
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special interest. In this part of the world, dynamics is related to mantle
ﬂow from the Afar plume in East Africa, through the Middle East, all
the way to Anatolia and the Aegean Sea (Daradich et al., 2003; Forte
et al., 2010; Chang and Van der Lee, 2011; Becker and Faccenna, 2011;
Faccenna et al. 2013, 2014a; Sembroni et al., 2016; Bar et al., 2016).
Our analysis constrains the vertical effect of this dynamic ﬂow.
2. Methodology
2.1. Formulation
The mean elevation ε, of a region depends on the local lithospheric
buoyancy H, dynamic topography DT (e.g., upwelling mantle plume),
and ﬂexure FL. In this formulation, FL refers to short wavelength elastic
ﬂexure as well as to long wavelength inelastic bending of foreland and
forearc basins caused by far-off subducting slabs.
ε ¼ aðH þ DT þ FLÞ;

ð1Þ

a¼1
ε ≥0
ρa
εb0
a¼
ρa −ρw
where a expresses the deepening of ocean ﬂoor due to the water load;
and ρa and ρw are the densities of the asthenosphere and water,
respectively.
Considering that lithospheric buoyancy H, is a sum of contributions
from the buoyancies of the crust (Hc) and the mantle lithosphere
(Hml), Eq. (1) can be expanded as
ε ¼ aðHc þ Hml −H0 þ DT þ FLÞ;

ð2Þ

where H0 is a constant that allows using sea level as a reference datum
instead of a theoretical free asthenosphere surface. H0 = 2.4 km makes
Eq. (1) consistent with density and elevations of mid-ocean ridges
(Lachenbruch and Morgan, 1990).
The quantities Hc and Hml are deﬁned as
Hc ¼

1
ðρ −ρc ÞLc ;
ρa a

ð3Þ

and
H ml

density ratio depends on the temperature difference between the hot
asthenosphere and the cool ML (e.g., Parsons and Sclater, 1977):
ρml ¼ ρa ½1 þ α ðθa −θml Þ;

ð9Þ

where θa and θml are the temperatures of the asthenosphere and
average ML, respectively, and α is the volume coefﬁcient of thermal
expansion. In this study, we use θa = 1350 °C, α = 3.5·10−5 0C−1,
and ρa = 3190 kg·m−3.
Assuming a linear geotherm for the ML, the average temperature of
the ML is simply
1
2

θml ¼ ðθc þ θa Þ;

ð10Þ

where θc is the temperature at the Moho. Supplementary Fig. 1a illustrates that the average temperature, and accordingly density, of the
ML is independent of its thickness, but only depends on the temperatures at its boundaries. In practice, thermal models of the crust or lithosphere commonly provide temperature maps at a constant depth
(e.g., Artemieva, 2006) and not at the laterally varying Moho level.
However, a ﬁrst-order estimation of Moho temperature can be obtained
from a simple linear approximation (Supplementary Fig. 1b). The error
associated with this approximation is usually smaller than the uncertainty in the temperature data and its inﬂuence on density is quite small.
For the general case, in which DT and ﬂexure cannot be ignored (in
other words, isostatic equilibrium is not maintained locally and
Eqs. (6)-(8) do not apply), subtraction of crustal buoyancy from the observed topography is termed residual topography, RT:
RT ¼

ε
þ H 0 −H c ¼ H ml þ DT þ FL
a

ð11Þ

A main challenge of this study is to identify and constrain DT and FL
where they are important and to allow a simple isostatic calculation of
Hml and Lml in the rest of the world. For this we, ﬁrst, show the results
of an isostatic approach that interprets RT in terms of Hml and Lml limiting DT only to areas where isostasy alone cannot explain the observations (mantle plumes and subduction zones). Then, we discuss the
error in Lml associated with ignoring DT.
2.2. Research strategy

1
¼ ðρa −ρml ÞLml ;
ρa

ð4Þ

where ρc, ρml and Lc, Lml are the mean densities and the thickness of the
crust and the mantle lithosphere, respectively.
If the lithosphere consists only of crust (e.g., mid-ocean ridges), then
Lml = 0 and the elevation would be:
ε c ¼ H c −H0

ð5Þ

In cases of local isostatic equilibrium, here the dynamic and ﬂexural
components are negligible,
ε ¼ aðεc þ H ml Þ;

ð6Þ

ε
H ml ¼ −ε c
a

ð7Þ

and, thus, the thickness of the ML can be calculated:
Lml ¼



ρa
ε
þ H 0 −H c
ðρa −ρml Þ a


;

ð8Þ

ρ
Note that for this calculation, the ratio ðρ −ρ
Þ is the important factor
rather than the absolute densities of the ML and asthenosphere. This
a

a

ml

Currently, there is a signiﬁcant difference between the quality and
quantity of information about the crust and the information about the
ML. This difference is partly related to the simple fact that the base of
the crust is much shallower than the base of the lithosphere; but also
to the somewhat vague nature of the lithosphere–asthenosphere
boundary (LAB), which is gradual and deﬁnition dependent (discussion
below).
Since the Moho is better deﬁned than the LAB, we adopt a top-down
strategy. We begin with the crust and remove its contribution to the observed topography and only then try to interpret the residual topography. Also, considering that with poor knowledge of Moho depth, our
exercise is useless, our ﬁrst effort is to improve the Moho map in the
East Africa–Middle East region, where a lot of data not included in previously published datasets are available. We also paid special attention
to the gridding method. Since, in many cases, data points are collected
along roads crossing geological structures, automatic gridding wrongly
connects data points across geological boundaries. Therefore, when necessary, we forced contours to follow topographic and geological strike
lines. Lastly, we generated a grid of 0.5° spacing, averaging the topography of a few tens of kilometers for each node (later, when we interpret
RT, we further smooth our results beyond a ﬂexural wavelength of
100–200 km).
To better understand the relations between residual topography and
tectonic environments, we focus on 20 regions: Gulf of Aden, Western
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Yemen, Afar Rift, Ethiopian Plateau, Anatolia, Pannonian Basin,
Carlsberg Ridge, Arabian Sea, Atlantic Ocean, Zagros, Alps, North
Africa, Arabia, Levant Basin, Black Sea, Eastern European Platform,
South Caspian Sea, Herodotus Basin, Ionian Basin, Mesopotamian
Basin, and the Persian Gulf (Fig. 2b). We illustrate that the
selected regions reveal a systematic order that is hard to distinguish
otherwise.
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A particular challenge is to interpret the residual topography. In
areas of high RT, we need to distinguish between a static state of a
thin lithosphere and a dynamic state of a lithosphere that is pushed
up by an upwelling mantle ﬂow. We use the southern Red Sea–Afar–
Aden conjunction for that. In areas of low RT our challenge is to
distinguish between the effect of a thick lithosphere and the downbending of the lithosphere towards subduction. This discussion is

Fig. 3. Crustal datasets. (a) Moho depth. (b) Sediment thickness. (c) Average sediment density. (d) Average density of crystalline crust. (e) Average density of entire crust. (f) Moho depth
for Europe. (a–e) taken from CRUST1.0 model (http://igppweb.ucsd.edu/~gabi/rem.html, Laske et al., 2013) and (f) from Grad and Tiira (2009).
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illustrated on foreland basins. Lastly, we suggest several typical
combinations of topography and lithospheric structures for various
tectonic environments.

Table 1). We used seismic refraction surveys, receiver function Moho
depth estimates, and in some places local Moho maps. We avoided
using gravity-driven maps which are more interpretation-dependent
and a priori assume isostatic equilibrium.

2.3. Data
3. Results
Topography was taken from ETOPO1 which is a 1 arc-minute global
model (Amante and Eakins, 2009; downloaded June 26, 2012). In order
to avoid sharp topographic variations that are not compensated locally,
we have generated a coarser topographic grid of 0.5° for buoyancy
calculations.
As a starting point for the crust, we use CRUST1.0 (http://igppweb.
ucsd.edu/~gabi/rem.html (Laske et al., 2013), which is an update of
CRUST2.0 (Bassin et al., 2000) and CRUST5.1 (Mooney et al. 1998)), a
global model of 1° × 1° resolution with 8 layers, including Moho
depth (Fig. 3a), sediment thickness (Fig 3b), average sediment density
(Fig. 3c), average crystalline crust density (Fig. 3d), and average crustal
density (Fig. 3e). For Europe, we used the 0.1° × 0.1° Moho map by Grad
and Tiira (2009) (Fig. 3f).
Examining the crystalline crust density map of CRUST1.0 (Fig. 3e),
we identify major variations that resemble those of the sediment thickness map (Fig. 3b). We suspect that these variations in the crystalline
crust are not derived from measurements, but reﬂect residuals from
sediment distribution. Thus, we prefer using a simpliﬁed model including only two types of crystalline crust (oceanic and continental) as
shown below.
For our new compilation of crustal thickness in the East Africa–Middle East region, we attempted to collect all published data within the
area marked in Fig. 4 by a polygon (details are in Supplementary

3.1. New Moho map
Differences between our map (Fig. 4b) and previous compilations
(Fig 4a) which result from the new data we used are seen mainly in Anatolia, Iran, East Africa, and Yemen (references in Supplementary
Table 1; new moho grid in Supplementary 3). Other signiﬁcant changes
are related to the strategy of interpolation. For example, quite a few data
points indicate a relatively thin crust (~30 km) in the south Caspian Sea
a few hundred kilometers offshore. In addition, many other data points
along the Alborz Mountain chain indicate a much thicker crust
(~ 50 km). Automatic gridding yields a gradual transition along a few
hundred kilometers, whereas we forced a sharp transition following
the collisional plate boundary.
Another example is the Red Sea. Three clusters of data points are
available in the north, central, and southern Red Sea. With the absence
of additional data points along most of the Red Sea, automatic gridding
will not generate a narrow elongated feature unless contours are forced
to a Red Sea parallel trend. This problem increases when the resolution
is too low to express changes detected along transect lines. For instance,
the Moho map of CRUST1.0 (Fig. 3a) is not resolved enough to express
the transition from mountains, to coast, to narrow shelf, and eventually
to an oceanic spreading center. In our map, we forced an elongated

Fig. 4. Revised Moho map in the East Africa–Middle East region. (a) Moho map generated from CRUST1.0 (Laske et al., 2013) and Grad and Tiira (2009). (b) The new compilation of this
study (marked by a polygon) embedded in previous models. Data points marked by black crosses are taken from seismic refraction lines, blue circles mark receiver function measurements,
and magenta circles are points digitized from published Moho maps. Straight line marks the track of Section 2 (Fig. 9).
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trend with an ~7-km-thick crust along the loci of spreading. Similarly,
for the oceanic crust of the Gulf of Aden, we used a 7-km-thick crust
where no other information exists as also seen in CRUST1.0.
Our map includes many other differences compared to previous
compilations, for example, in the Levantine region (Syria, Lebanon,
Israel, and Egypt) we distinguish the Lebanese and the Palmyrides
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mountain chains, which are not recognized in CRUST1.0. Minor changes
are also noticed in Israel and Jordan due to many receiver function estimates in that area.
We cannot accurately determine the errors in our new Moho map,
because the needed information in the various sources we used is
usually not available. Nonetheless, we estimate that the range of

Fig. 5. Crustal data used in this study. (a) Moho depth (new grid in Supplementary 3), (b) simpliﬁed crystalline crust density: 2.84 cm3 for continental crust and 2950 kg/m3 for oceanic
crust; (c) average crustal density, (d) Moho temperature, (e) average mantle lithosphere density.
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uncertainty is 1–2 km for provinces with crustal thicknesses of 5–
15 km; 2–3 km for 15–25 km; 3–4 km for 25–35 km; 4–5 km for
35–45 km; and 5–8 km for a 45- to 60-km-thick crust. A similar range

of uncertainty is described by Grad and Tiira (2009) for Europe (details
in Fig. 4). In Central Africa (not crucial for our analysis), which was not
included in our compilation and where crustal thickness is taken from

Fig. 6. (a) Crustal contribution to topography, Hc. (b) Residual topography RT. Dark blue and purple areas represent foreland and forearc basins (south Caspian, NE black sea, Mesopotamia,
Herodotus, and Ionian basins), where RT is exceptionally low (b−3 km) coinciding with large negative free air anomalies (Fig. 2b). (c) ML thickness, Lml, computed from residual
topography. In foreland and forearc basins, the calculated thickness of the ML is unrealistically thick (N200 km). White area (positive RT) represents approximated zone with no ML.
(d) Total lithospheric thickness inferred from residual topography. In forearc and foreland basins lithospheric thickness is taken from adjacent areas. In areas with no ML, lithospheric
thickness equals crustal thickness. (e) Dynamic topography prediction from present-day mantle ﬂow (from Faccenna et al., 2014a) using the SAVANI S-wave model (Auer et al., 2014).
The computation infers topography from instantaneous ﬂow and uses a simple, only radially variable viscosity structure which allows spectral solution via a code such as HC [Milner
et al., 2009]. All density anomalies above 100 km depth are set to zero, and below Vs anomalies are scales as d lnρ/d ln Vs = 0.2, for simplicity. Computation is the same as in Faccenna
et al. (2014b) (see their Figure 14b for details). Noteworthy, this model shows similar trends as RT (b).
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CRUST1.0, errors may be larger. Implications of crustal thickness
uncertainties are discussed below.
3.2. Crustal density and temperature
Since we suspect that the density map for the crystalline crust in
the CRUST1.0 model includes artifacts resulting from sediment
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distribution, we prepared a simpliﬁed bi-modal distribution map:
oceanic crystalline crust with an average density of 2950 kg/m 3
and continental crystalline crust with an average density of
2840 kg/m3 (Fig. 5b). Combining this map and the sediment density
map of CRUST1.0, we generated the average crustal density map of
Fig. 5c, which slightly differs from the crustal density map of
CRUST1.0 (Fig. 3e). The Moho temperature map of Fig. 5d was

Fig. 7. Computed contributions of crust and ML to topography for selected tectonic environments. (a) Crustal contributions to topography as a function of crustal thickness and density,
(b) ML contribution as a function of ML thickness and density. Note that ML thickness computed from residual topography reaches unrealistically thickness in forearc/foreland basins (see
text).
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derived from a constant 40 km depth temperature map of Artemieva
(2006) corrected for the depth difference between 40 km and the
local Moho. Lastly, the density of the ML was calculated from Moho
temperature using Eqs. (9)-(10) (Fig. 5e).
3.3. Crustal contribution to topography
As expected, the main trend in the map of crustal contribution to topography Hc (Fig. 6a), resembles the main trends of the Moho map, but
this does not allow identifying the inﬂuence of crustal density. To examine how big the density factor is, Fig. 7a plots Hc versus crustal thickness
Lc, for 20 selected tectonic regions. Oceanic basins such as the Arabian
Sea and Gulf of Aden with their thin sedimentary cover fall along the
2900 kg/m3 line, consistent with a nearly gabbroic crust. The Zagros,
Alps, East Africa, Yemen, and Anatolia, fall between 2800 kg/m3 and
2900 kg/m3, consistent with a nearly granitic crust. Exceptionally thick
sedimentary basins with a relatively thin crystalline crust, such as the
Levant, Black Sea, Herodotus, and Ionian Basins, fall above the
2700 kg/m3 line, which is quite low for the Earth's crust.
This is a reminder that common density variations can easily
inﬂuence Earth's topography by more than a kilometer and cannot be
neglected. More encouraging, these variations can be estimated
considering the tectonic environment, and speciﬁcally, the sedimentary
cover and type of crystalline crust. Typical crustal density values are
2900 kg/m3 for oceanic basins with a thin sedimentary cover,
2850 kg/m3 for continental areas with a thick crust and thin sedimentary cover, 2750 kg/m3 for most sedimentary basins, 2650 kg/m3 for
exceptionally thick sedimentary basins, where the less dense sediments
signiﬁcantly lower the crustal average, and a default common values of
2800 kg/m3 for all other regions. In other words, the uncertainty in
crustal mean density should be in the order of the variance within
each cluster of Fig. 7a, that is, ~50 kg/m3 for most provinces, ~100 kg/
m3 in deep oceanic basins, where uncompacted sediments overly a
dense gabbroic crust, and ~ 25 kg/m3 in regions of nearly pure
continental crust.
Considering the range of uncertainty in crustal thickness and density, the uncertainty in Hc that is directly transferred to RT is in the order
of ±100–500 m for regions with crustal thicknesses of 5–15 km (largest
uncertainty in density, but small uncertainty in thickness); 400–700 m
for 15–25 km; 700–1000 m for 25–35 km; 1000–1500 m for 35–
45 km and also for 45- to 60-km-thick crust (largest uncertainty in
thickness, but lesser uncertainty in density).
3.4. Residual topography
The residual topography map of Fig. 6b is dominated by hot colors
expressing values between −1 km and 1 km and blue colors expressing
values lower than −3 km. However, this situation is clearly abnormal.
Empirically, the world average is − 1.73 km (Zoback and Mooney,
2003) and, theoretically, the calculated buoyancy of 80-to 100-kmthick ML is between − 1.0 km and − 2.0 km (Fig. 3 of Lachenbruch
and Morgan, 1990). In other words, only the gray regions in the RT
map of Fig. 6b are “normal”, whereas most of the study area is
higher or lower than expected from a stable isostatic lithosphere.
The challenge now is to interpret the RT in this unique area and to
distinguish between ML buoyancy and dynamic topography due
to upwelling or to down-bending of the lithosphere towards
subduction.
3.5. Residual topography and tectonic environments
To better understand the relations between residual topography and
tectonic environments, we focus again on the 20 chosen tectonic areas
(Fig. 8a). The ﬁrst prominent observation is that positive RT is observed
in Aden, Ethiopia, and SW Yemen, that is, around the upwelling Afar
mantle plume. Positive RT cannot be related to the buoyancy of the

ML, which must be negative or zero where it does not exist (i.e., midocean ridges like the Carlsberg Ridge).
The second prominent observation is that exceptionally low RT of
−3 km to −5 km is observed in forearc (Ionian Basin and Herodotus
Basin) or foreland basins (Mesopotamian Basin, Persian Gulf, and
South Caspian Sea), where the lithosphere bends towards convergence
plate boundaries. This bending perturbs the isostatic equilibrium as also
indicated by exceptionally low free air gravity anomalies (Fig. 2b). Even
in the Herodotus and Ionian basins, which probably have the oldest oceanic crust on Earth (Speranza et al., 2012), the exceptionally low RT is
not explained by thermal cooling of the lithosphere because thermal
cooling cannot contribute much more than 2 km of subsidence (not
including water load) (Lachenbruch and Morgan, 1990) and hence the
difference between 150 Ma and 250 Ma of cooling is no more than a
few hundred meters.
Plotting residual topography against crustal thickness (Fig. 8b)
shows that crustal thickness distinguishes between very thin
(e.g., oceanic), thin (stretched continents), intermediate (common
continents), and thickened (orogens) crust; and RT distinguishes
between hot and cold regions. Such a diagram is useful for describing
various geological environments and the amplitude of vertical
motions transferring regions from one state to another (rifting, cooling,
etc.).
Oceanic ﬂoor is generated at mid-ocean ridges (MOR) with no
ML. Then, while moving away from the spreading center and cooling,
their ML gradually thickens and its negative buoyancy increases. In
terms of RT, these basins begin with RT = 0 (e.g., the Carlsberg
Ridge excluding its northernmost segment), decreasing to RT of
about − 1 km to − 1.5 km in Young Oceanic Basins (YOB) like the
Arabian Sea, and then further decreasing to − 2 km in Old Oceanic
Basins (OOB) like the old Atlantic margins of West Africa. In view
of this typical path, the Gulf of Aden is exceptional with its positive
RT indicating DT.
Stretched continental basins (Afar and Pannonian, Levant, and Black
Sea) begin their development as Young Rifted Basins (YRB) with a thin
ML that subsequently cools, thickens, and increases its negative buoyancy. The young Pannonian Basin is characterized by RT of ~−0.7 km. The
older basins of the Black Sea and Levant that have already reached a
thermal steady state and thus are characterized by RT of − 2 km to
−3 km. In view of this typical path, the Afar Rift with its positive RT is
exceptional indicating dynamic uplift. Another exception is the Ionian
and Herodotus Basins (central Mediterranean), which are very deep relative to their crustal thickness with RT ranging from −3 km to −5 km.
These forearc basins are clearly subduction related (SRFB, subductionrelated forearc/foreland basins).
Stable Continents (SC) such as North Africa and Arabia with their
“normal” 30- to 40-km-thick crust are with “normal” RT of − 1.5 km
to − 2.5 km, as expected from a mature ML, not very different from
old oceanic basins (OOB, Atlantic) and old rifted basins (ORB, Levant
Basin and Black Sea). Anatolia and parts of the Ethiopian Plateau also
have a normal crust (35–45 km thick), but their RT is higher (−1 km
to zero). This can express a thermally eroded continent (TEC) with a
thin ML, dynamic uplift, or a combination of the two. However, the
positive RT in large parts of the Ethiopian plateau and SW Yemen (e.g.,
Sembroni et al., 2016) cannot be explained even with complete removal
of the ML. These areas are thus named dynamically uplifted continents
(DUC) similar to the nearby dynamically uplifted ocean (DUO, Gulf of
Aden).
Continental regions with normal crustal thickness and RT lower than
− 2.5 km are the East European craton and the Mesopotamian basin
(also part of the South Caspian Sea). Whereas old and cold continental
cratons (CC) may be explained statically with exceptionally thick ML
(e.g., Zoback and Mooney, 2003), the Mesopotamian Basin is clearly
related to long-wavelength bending towards the Zagros (SRFB subduction-related forearc/foreland basins) as also indicated by the gradual
tilting of the crystalline basement.
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Fig. 8. Residual topography, tectonic environments, and processes controlling vertical motions. (a) Dependency relationships between residual topography and tectonic settings.
(b) Residual topography of the same tectonic provinces as a function of crustal thickness. DUC—dynamically uplifted continent, DUO—dynamically uplifted ocean, MOR—mid-ocean
ridge, YOB—young ocean basin, OOB old ocean basin, YRB—young rifted basin, ORB—old rifted basin, SRFB—subduction-related foreland/forearc basin, TEC—thermally eroded
continent, SC—stable continent, CC—cratonic continent, ORO, orogens.

The residual topography of orogens (ORO) with a thickened crust
(e.g., Zagros and Alps) varies from − 0.5 km to −2 km, which is a bit
higher than old oceanic basins (OOB), old rifted basins (ORB), and stable
continents (SC). The reason for that may be crustal thickening on account of the ML or root delamination (Houseman et al., 1981; Platt
and England, 1994; Kay and Mahlburg Kay, 1993).

To summarize, (1) a mature ML generates a negative buoyancy
producing RT of nearly − 2 km as observed in old oceanic basins
(OOB), old rifted basins (ORB), and stable continents (SC). (2) Positive
RT in dynamically uplifted oceans (DUO, Aden) and dynamically
uplifted continents (DUC, Ethiopian Plateau) clearly express dynamic
upwelling (it is still not clear, however, if the ML at these regions is
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completely absent). (3) High RT of −1 km to zero as observed in thermally eroded continents (TEC, Anatolia) probably indicates a thin ML,
but dynamic uplift may also be involved. (4) Continental Cratons (CC)
are associated with a thick ML and low RT of ~−3 km. (5) Exceptionally
low RT of less than −3 km is observed only in subduction-related basins
within the forearc or foreland basins and even farther away (SRFB,
Ionian, Herodotus, and Mesopotamia).

4. Discussion
4.1. Interpretation of residual topography
Topography is a ﬁrst-order signal of Earth's dynamics; however, its
interpretation is not straightforward as it results from the superposition
of different signals. We often refer to isostatic and dynamic signals to

Fig. 9. Interpretation of residual topography illustrated on a cross-section from East Africa to the Caspian Sea (location on Figs. 1, 4). (a) Upper panel: measured, smoothed, and residual
topography. Lower panel: crust and interpreted LAB. (b) Enlargement of the dynamically uplifted area, where the Afar mantle plume (max DT) coincides with the southern Red Sea spreading center (Hml = 0). In this area, residual topography constrains the maximal dynamic uplift to ~1 km. For inferring the LAB, we practically assume RT = DT where RT N 0 (LAB marked
red) and RT = Hml for all the rest (blue). The error associated with such approximation is illustrated by a black arrow. (c) Enlargement of the Mesopotamian–Zagros and Caspian–Alborz
foreland basins. Assuming that the mantle lithosphere does not thicken under foreland basins, the exceptionally low residual topography is interpreted as the downward-pulled subduction-related force exerted by far-off slab hanging below the orogen.
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separate between the lithosphere's static contribution and the dynamic
transient contribution related to mantle convection. Here, we investigate
a region with different tectonic environments: mantle plume,
convergent-collisional margin, subduction zone, spreading ridge, and
stable cratonic areas. The goal is to provide a robust estimate of the
isostatic and dynamic components. For simplicity, we ﬁrst present an
end member isostatic approach that interprets RT in terms of Hml and
Lml limiting DT only to areas where isostasy alone cannot explain the
observations (mantle plumes and subduction zones). Then, we discuss
the error in Lml associated with ignoring DT even when it is relatively
small.
In reality, the lithosphere above upwelling plumes is hot, thin, and
weak and the lithosphere above down-welling mantle ﬂows is cold,
strong, and with no indications for thinning. Accordingly, for regions
with high residual topography, which are commonly associated with elevated heat ﬂow and magmatism, we ﬁrst assume that DT N 0 (mantle
ﬂow is upwards), Hml N−2 km (ML is thinner than normal), and for topographic loads wider than ~100 km FL≈0 (lithosphere is weak). Second, we suggest to take advantage of the unique conjunction of a mantle
plume and a mid-ocean ridge in the Gulf of Aden and the southern Red
Sea (Fig. 6b). At this location, Hml = 0, because the ML is absent along
MOR, and DT is nearly maximal, because western Aden is located very
close to the center of the plume (Fig. 9a,b). In other words, RT which
is ~1 km in the southern Red Sea and western Aden, represents the regional maximal dynamic uplift (RT = DTmax ~1 km) consistent with dynamic topography prediction from present-day global mantle ﬂow
(Fig. 6e from Faccenna et al., 2014a) using the SAVANI S-wave model
(Auer et al., 2014).
For foreland and forearc basins, we suggest that the exceptionally
low residual topography does not indicate ML thickening because
there is no reason to think that the (e.g., Arabian) ML thickens hundreds
of kilometers before reaching the subduction plate boundary
(e.g., Mesopotamia–Zagros line) (Fig. 9c). Hence, Hml in Mesopotamia
is similar to Hml in Arabia (~− 2 km) and the lateral change from RT
of ~−2 km in Arabia to ~−3.5 km in Mesopotamia is probably related
to the subduction process as also indicated by the large negative free
air anomaly (Fig. 2b). Similarly, in the Ionian and Herodotus basins, RT
reaches − 5 km and in the extreme case of the deep south Mariana
trench (western Paciﬁc), which is more than 5 km deeper than the adjacent abyssal plains, RT reaches a world maximum of ~− 7 km
(Gvirtzman and Stern, 2004). These extremely low RT values deﬁnitely
do not indicate thickening of the ML and, therefore, we suggest assuming that ML thickness at those areas is similar to ML thickness of the
same plates farther back before reaching the area inﬂuenced by
subduction.
Considering that in the vicinity of the Afar Plume, very close to
Aden–Red Sea spreading centers, there is no ML; and considering that
in foreland and forearc basins, the thickness of the ML is probably similar to its thickness in the unbent portion of the same plate, we focus the
discussion on the ability to approximate ML thickness from RT on other
regions (most of the study area). To begin this discussion, we now examine the consequences of neglecting DT and presuming isostasy. This
actually means that in those areas, we assume Hml ≈ RT and calculate
the thickness of the ML using Eq. (8). Results of this ﬁrst order approximation are shown in the lithospheric thickness map of Fig. 6d.
This exercise is further clariﬁed by Fig. 7b, showing the relationships
between ML thickness and ML contribution to topography for various
ML densities and various tectonic environments. For instance, young
oceanic basins fall on the 1000 °C Moho temperature and 3220 kg/m3
ML density; and old oceanic basins fall near the curve of 100 °C Moho
temperature and 3270 kg/m3 ML density. Similarly, the Alps have a lighter ML than stable continents, because its Moho is deep and hot. Also,
note that the East European craton is a cold region but its Moho temperature is not so cold because it is deep. On the contrary, the Ionian and
Herodotus basins have a relatively dense ML because their Moho temperature is relatively shallow and cold. In general, Fig. 7b illustrates
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that changes in ML density can affect the calculation of the ML thickness
by ~50 km and thus cannot be neglected.
In the East European craton, the inferred thickness of the calculated
ML is larger than 200 km and the entire lithospheric thickness reaches
250 km. This analysis assumes a pure thermal control on the ML for
the sake of argument. However, the density of the ML may be signiﬁcantly inﬂuenced by petrologic variations in continental lithosphere
(e.g., Jordan, 1988; Forte and Perry, 2000; O'Reilly et al., 2001; Zoback
and Mooney, 2003; Steinberger, 2016). Particularly highly fractionated
mantle roots under cratons may be associated with a positive chemical
buoyancy anomaly that offsets the negative thermal buoyancy (e.g.,
Jordan, 1988; Lee et al., 2005), implying that our calculation
underestimates the thickness of the ML under cratons. Also, using a
constant value for the density of the asthenosphere becomes problematic underneath thick continental lithosphere (e.g., Poudjom-Djomani
et al., 2001).
The approach adopted here is to explore the possibility that most of
the RT is due to intra-lithospheric buoyancy variations. A different perspective is demonstrated, for example, by Forte (2007), who calculate
the expected topography variations resulting from lateral buoyancy differences in the upper 200 km of the mantle and, then, from buoyancy
differences located below 200 km; in both cases, global-scale undulations of at least 1 km are obtained. In other words, modeling of mantle
circulation shows that DT in regions far away from mantle plumes and
forearc/foreland basins can be larger than ±1 km. Examples for regions
that do not coincide with simple, isolated mantle plumes or subduction
zones and yet are strongly inﬂuenced by dynamic topography are
Anatolia (Şengör et al., 2003; Boschi et al., 2010), South Africa
(Lithgow-Bertelloni and Silver, 1998; Gurnis et al., 2000), Basin and
Range (Hyndman and Currie, 2011; Lowry et al., 2000; Becker et al.,
2014), and others.
These cases indicate that presuming isostasy even far away from
mantle plumes and subduction zones is associated with an error and
the question addressed now is how large this error is in the area studied
here. For example, in the southern parts of Israel and Jordan, RT ranges
between −0.6 and −0.7 km (Fig. 6b), whereas in the adjacent area of
central Arabia, RT varies between a “normal” value of − 2 km (this
study) and a world average value of − 1.7 km (Zoback and Mooney,
2003). The explanation for the 1.0–1.4 km anomaly in southern Israel
and Jordan is most probably a combination of lithospheric thinning
and dynamic support, yet what is the relative contribution of these
two effects? Considering that the maximal value of DT just above the
Afar Plume is only 1 km and that the Israel–Jordan area is located
2000 km away, the dynamic effect might decrease to a few hundred meters (100–300 m). Theoretically, the presence of an additional plume
beneath Arabia (e.g., Daradich et al., 2003; Chang and Van der Lee,
2011) may increase the dynamic effect in Israel and Jordan. However,
using Hml = RT and calculating ML thickness from Eq. (8), the total lithospheric thickness in the Jordan–Israel area is 70–80 km (Fig. 6d), quite
similar to receiver function measurements indicating 60–80 km
(Mohsen et al., 2006). Apparently, this supports the conclusion that
DT in north Arabia is relatively small, because for such an area, 10–
20 km in lithospheric thickness corresponds to 100–300 m in RT
(Fig. 7b). Nonetheless, considering the widespread trace of volcanism
(e.g., Coleman, 1993), dynamic contribution cannot be excluded even
in north Arabia (Daradich et al., 2003; Becker and Faccenna, 2011;
Faccenna et al., 2013).
4.2. Topography, lithospheric structure, mantle dynamics, and tectonic
environments
We now return to the large scattering in the topography–crustal
thickness diagram (Fig. 1) where the same crustal thickness is commonly accompanied by topographic variations of a few km. Our analysis
shows that this scatter depends on the tectonic environment
(Fig. 10a). Thus, considering this dependency together with available
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Fig. 10. (a) Elevation versus crustal thickness for all grid points in the study area (all black points) and particularly in the selected tectonic provinces (colored points; location in Fig. 2).
Compared with the poor correlation between elevation and crustal thickness in Fig. 1, here we show that scattering is systematic and depends on the tectonic settings. (b) Expected
correlation between observed and isostatically calculated topography for different tectonic environments. Whereas, for most environments (black), the expected error is in the order
of a few hundred meters, in dynamically uplifted environments (red) and downward pulled subduction-related forearc and foreland basins (blue), deviation from isostasy may reach a
few km. (c) 3D illustration of Earth's topography as a function of crustal and mantle lithosphere contributions to lithospheric buoyancy in isostatically balanced areas (less curved
surface) and in dynamically affected zones (deﬂected surface). Subduction-related pull down-areas affect cold regions with thick lithosphere (right-hand side of the ﬁgure).
Dynamically uplifted areas affect hot areas with a thin lithosphere (left-hand side). Note the difference between thermally eroded continents (TEC), where elevated topography results
from lithospheric thinning and dynamically uplifted continents (DUC), where elevated topography is controlled by mantle upwelling. Abbreviations as in Fig. 8.
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knowledge about crustal density and Moho temperature, we can identify regions where isostasy provides a fairly good approximation for the
earth's topography and regions where isostasy does not work
(Fig. 10b). We envisage that at those regions where isostasy works
well; theoretically, topography can be predicted from lithospheric
buoyancy given independent measurements of lithospheric thickness
(e.g., receiver function measurements or surface waves LAB). Noteworthy, such measurements should be considered with caution because it is
not always clear what is exactly measured (e.g., Fischer et al., 2010) and
because the LAB is a gradual transition zone with several deﬁnitions (cf.
Becker et al., 2014). Here, we compute the base of what we deﬁne as the
isostatic lithosphere, which is similar to the buoyancy determined LAB
(e.g., Gvirtzman and Nur, 1999, 2001; Zoback and Mooney, 2003).
Isostatic lithosphere does not necessarily coincide with mechanical lithosphere (strong), thermal lithosphere (conductive), or seismic lithosphere
(above the low velocity zone).
A useful way to generalize our results is to plot them along a
schematic plate-tectonic section (Fig. 11d) including variety of tectonic
environments and to accompany this section with proﬁles of all relevant
parameters (crustal density, ML density, topography, Hc, and RT). This
presentation illustrates several rules of thumb in a self-consistent
manner. Crustal density varies by 300 kg/m3 between 2650 kg/m3 in
sedimentary rich basins to 2950 kg/m3 in oceanic basins (Fig. 11a).
Disregarding possible compositional effects, changes in ML density are
an order of magnitude lower, changing from 3220 kg/m3 in hot Moho
to 3270 kg/m3 in cold Moho with low peaks (hot mantle) near oceanic
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ridges, mantle plumes, and orogens (deep Moho) and high peaks in
stretched continental basins and old oceans (shallow Moho)
(Fig. 11b). Crustal contribution to topography (Fig. 11c, brown curve)
is always higher than the actual topography (black). Residual topography is commonly around −2 km with low peaks in foreland basin and
cratons and high peaks above upwelling plumes. Topographic highs
are controlled by crustal thinning (extended basins), crustal thickening
(orogen), thermal erosion (continental plateau), ML thickening
(craton), ﬂexure towards subduction zones (foreland basin), and
dynamic support (continents and oceans).
Despite this analysis, interpretation of RT in many places remains
ambiguous. For instance, in Anatolia and in Ethiopia, the distinction between ML thinning and dynamic topography (Fig. 8b) is not clear
(Şengör et al., 2003; Boschi et al., 2010). These two signals of topography actually express the same phenomena of mantle upwelling that
thermally thins the lithosphere and pushes it upwards (e.g., Becker
and Faccenna, 2011; Faccenna et al., 2013, 2014a). The question
discussed here is not the origin of these processes, but whether or not
isostasy correctly accounts for thermal thinning of the lithosphere as it
accounts for mechanical thinning of the lithosphere in extended
sedimentary basins. Possible solution to this question may arise from
quantitative examination of the history of vertical motions
(paleotopography), but this is beyond the scope of this study.
Moving from uplifted continents to large oceanic basins, the uncertainty in DT may be reduced even far away from mantle plumes by comparing depth anomalies to age-dependent subsidence curves

Fig. 11. A simpliﬁed plate-tectonic section including a variety of tectonic environments with typical proﬁles of crustal density, ML density, topography, crustal buoyancy, and residual
topography, and areas of dynamic uplift and downward pull-down. This illustrates how isostasy works and where isostasy alone cannot explain the observations. Lithospheric
thickness in cratons may be larger due to density variations related to petrologic variations, which are not considered in this study
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(Winterbourne et al., 2009; Crosby et al., 2006; Crosby and McKenzie,
2009). In addition, past ﬂuctuations in DT may be reconstructed from
stratigraphic evidence of major marine transgressions and regressions
(e.g., Mitrovica et al., 1989; Gurnis, 1990a, 1990b; Gurnis, 1993;
Bertelloni and Gurnis, 1997; Moucha et al., 2008; Müller et al., 2008;
Sembroni et al., 2016), though here again, the distinction between lithospheric thinning and DT is not always clear.
5. Summary
The difﬁculty to predict topography from lithospheric structure or,
alternatively, estimate lithospheric thickness from residual topography,
results from two basic limitations. (1) Factors controlling lithospheric
buoyancy in most parts of the world are uncertain, and (2) nonisostatic factors such as lithospheric bending and dynamic topography
are hard to quantify. In this study, we suggest several steps to overcome
these difﬁculties.
We examine systematic relationships between tectonic environments and factors controlling topography that support our understanding and encourage useful approximations. Considering that crustal
thickness is a primary condition to our exercise, we re-examined all
available data to compile a new Moho map for the area of the Red
Sea–Middle East–Eastern Mediterranean. We suggest that crustal density can be approximated from its thickness (Moho maps are constantly
improving), its origin (oceanic/continental), and its sedimentary cover
(thickness and density data available from the oil industry). This
approximation allows better calculation of the contribution of the
crust to topography, and consequently, the residual topography.
We suggest that ML density can be approximated, to ﬁrst order, from
geothermal data and Moho depth. In isostatically supported regions,
this approximation allows interpreting residual topography in terms
of lithospheric thickness.
We constrain the amplitude of positive dynamic topography above
the Afar plumes to be of ~ 1 km, representing a regional maximum in
agreement with other studies (Sembroni et al., 2016). Within the
study area, including northern Arabia, DT is relatively small and
neglecting it is associated with an error of only 10–30 km in lithospheric
thickness. This conclusion is supported by receiver function measurements of the LAB in southern Israel and Jordan.
We show that in foreland and forearc basins, where the lithosphere
bends down, residual topography is extremely low (− 2.5 km to
−6 km). We argue that since down-going plates do not thicken before
entering subduction, the extremely low residual topography in forearc/
foreland basins express the slab pull-down force rather than lithospheric thickening. Taking lithospheric thickness under foreland/forearc basins from adjacent areas, the amplitude of two subduction-related
effects (semi-static slab load and dynamic topography) is constrained.
Distinction between these two effects is yet problematic.
Lastly, we present a simpliﬁed plate-tectonic section including a variety of tectonic environments with typical proﬁles of crustal density,
ML density, topography, crustal buoyancy, and residual topography.
This illustrates how isostasy works and where isostasy alone cannot explain the observations.
Supplementary data to this article can be found online at http://dx.
doi.org/10.1016/j.tecto.2016.05.041.
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